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Abstract

The iron (Fe) isotope compositions of 37 hydrogenetic ferromanganese deposits from various oceans have been analysed by
MC-ICPMS; they permit the construction of a global map of Fe isotopic values. The isotopic compositions range between — 1.2
and —0.1%0 in & Ferrmmia. Averages for the Atlantic and the Pacific are —0.41 and —0.88%o , but their standard
deviations are identical (0.27, 1¢) and the data very largely overlap. No correlation is found with Pb or Nd isotope compositions
and there is no evidence that the observed oceanic Fe isotopic heterogeneity is directly controlled by variations in continental
sources. The small quantities of Fe that can be introduced from hydrothermal sources render as unlikely the possibility that the
isotopic variations reflect variable proportions of continental and hydrothermal Fe, as recently proposed. The more likely
explanation is that the variations are induced locally within the ocean. The exact sources of fractionation remain unclear. Likely
possibilities are the dissolution and reprecipitation processes that liberate Fe from sediments during anoxic events, dissolution in
surface waters or processes occurring during growth of the crusts.
© 2004 Elsevier B.V. All rights reserved.
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1. Introduction

Iron (Fe) is a bio-limiting micronutrient in high
nutrient low chlorophyll (HNLC) areas—those
regions of the oceans in which nutrients are not
fully consumed by phytoplankton [1] ([2] for more
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recent developments). The biogeochemical cycle of
iron (Fe) in the oceans can thus influence marine
productivity and can affect the draw down of
atmospheric CO, by photosynthetic marine organ-
isms. It is therefore important to improve our
knowledge of the mechanisms that control the fluxes
of Fe from the continents and the cycling of iron in
the oceans. Iron isotopes provide a promising new
tool for such studies. However, because of analytical
limitations, natural variations in Fe isotopic compo-
sition have only recently been studied. The direct
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measurement of the isotopic composition of Fe in
seawater is still a major challenge due to very low
concentrations. Ferromanganese crusts have provid-
ed powerful records of variations in the isotopic
composition of various elements dissolved in ocean
deep waters. These variations, depending on the
element, are a function of changes in paleocircula-
tion, source provenances, style and intensity of
weathering on the continents and changes in tectonic
processes. Serial sampling of ferromanganese crusts
provide useful insights into the history of the oceans
in the past [3]. As such, studies of ferromanganese
crust may yield invaluable information on marine Fe
isotope systematics today and how this has changed
with time.

The first attempt to reconstruct and interpret the
evolution of iron isotopes in North Atlantic deep
water [4] concluded that the isotopic variations were
controlled by terrigenous inputs on the basis of a
correlation between Pb and Fe isotopes over the
past 6 million years. However, no geographical
variations in the Fe isotope composition of hydro-
genetic crusts have been published to provide con-
firmation of this interpretation. Intraocean variations
of —1.39 to 0.66%0 (6°'Fe) have been reported
for the present day from a set of ferromanganese
crust surface scrapings, but no systematic difference
between oceans was found [5]. Here we present a
global dataset for hydrogenous (or hydrogenetic)
crusts and nodules that provides a map for the
modern ocean.

2. Samples and analytical methods

The sample set comprises 37 hydrogenous ferro-
manganese crusts, one ferromanganese nodule and
one hydrothermal deposit. These were selected to
achieve global coverage (Table 1, Fig. 1). The origin
of the crusts has been established from the mineralo-
gy, texture and geochemistry. The most recent layer of
the crusts and nodules was sampled to a depth of
about 0.5 mm. One hydrogenous crust (BM1969.05)
was also sampled deeper at 0.5-0.8 and 0.8—1.6 mm.
The hydrothermal deposit was analysed as a bulk
sample. Unlike the crusts, the hydrothermal deposit
formed below the seafloor—seawater interface. Anal-
ysis of the surface 0.5 mm of crusts averages any

effects of recent glacial and interglacial changes in
erosion and in ocean chemistry. Therefore, they are
only suitable for assessing long-term averaged con-
trols on Fe isotope variation ( ~ 50—250 kyr). Be-
tween 1 and 5 mg aliquots of sample powder were
used for the analyses. The powder was leached
overnight at room temperature in 1 ml of 6 N HCL
Any undissolved material was eliminated from the
solution by centrifugation. The supernatant was
evaporated in the presence of H,O, to ensure that
all Fe is oxidized to Fe(Ill). The residue of evapo-
ration was then redissolved in 6 N HCI. The solution
was passed through a column containing about 0.5
ml of BioRad® AGI1-X8, 200-400 mesh anion
exchange resin. After elution of matrix elements with
3 ml of 6 N HCI, the Fe was eluted with 2 ml of
0.05 N HCI. The solution containing the Fe was
evaporated and redissolved in 0.05 N HCI. This
extraction procedure is quantitative and does not
induce fractionation between Fe isotopes. This has
been tested in different ways. First, the yield has
been checked to be 100% (£ 3%). Second, some
IRMM-014 standard solutions were passed through
the whole procedure, and their isotopic composition
measured. Finally, some standard solutions contain-
ing similar amounts of Fe were added to the eluted
matrix of a real sample, and then reprocessed as a
natural sample. The standards always gave the
expected value within uncertainty (£ 0.13 %o ), re-
gardless of chemical treatment. Total procedural
blanks were at the nanogram level. This is negligible
when dealing with sample sizes in between 200 ug
and 1 mg of Fe.

The absence of fractionation generated by the
leaching step was tested on GMAT-14D, a ferroman-
ganese crust rich in detrital minerals [6]. The leachates
obtained after 30, 90, 210 min and overnight have the
same composition as the bulk (cf. Table 1). This
shows first that the Fe contained in the detrital
material has a negligible influence on the isotopic
composition of the hydrogenous Fe, as this detrital
material is expected to have a 6°’Fe composition of
0.11+£0.14%0 (20) [7]; and second, that leaching
with 6 N HCI does not induce a fractionation between
Fe isotopes. Moreover, the negligible impact of Fe
from the detrital component is confirmed by an XRD
study [8] of the composition of seven crusts (four of
which are also included in this work), which showed



Table 1

Results of isotope analyses

Cruise or Sample Section Type Location  Latitude Longitude Water 6Fe 26 &6Fe* 20 2%°Pb/ &Nd Growth
supplier (mm) depth %o %0 204pyp rate
(m) (mm/Myr)
ALV539 D2-1A 0-1 Crust NW 35°36.4'N 58°47.1' W 2662 —0.36 0.05 —0.12 0.06 19.267 —12.93 3.1
Atlantic (—0.12) [35]
SO-154 52 CD-1 0-1 Crust NW 16°38.0' N 62°19.5 W 7845 —0.28 0.06 —0.09 0.01 18970 —10.5 —
Atlantic (—0.09)
Arcl D14 0-0.5 Crust NW 16°55.0 N 61°10.0W 2000 —0.27 0.10 —0.10 0.08 19.157 —12.54 2.9
TRO79 Atlantic (—0.09) [36]
Gosnold 2383 0-0.5 Crust NwW 31°38 00N 78°40' 12"W 512 —0.85 0.14 —034 0.17 -
65-75 Atlantic (=0.27)
BM1963.897 0-0.5 Crust NW 30°50' 00N 78°30' 00"W 850 —0.36 0.12 —0.09 0.10 19.100 —11.00 4.5
Atlantic (—0.12) [36]
Hudson BM1969.05 0-0.5 Crust NW 39°00' 00N 60°57" 00"W 1850 —0.72 0.14 —0.31 0.20 19.210 1.6
St. 54 Atlantic (—0.23) [37]
0.5-0.8 —0.68 0.07 —021 0.15
(—0.22)
0.8—1.6 —0.76 0.09 —0.16 0.06
(—0.24)
Discovery D10979 0-1 Crust NE 32°36.0N 24°25.0 W 5347- —0.42 0.06 —0.15 0.05 19.003 —11.12 2.3
144 Atlantic 4867 (—0.14) [36]
Discovery 1966.069 0-0.5 Crust NE 42°54 00'N  20°13' 00"W 3247  —0.10 0.01 —0.02 0.1 - - -
I Atlantic (—0.03)
VEMA DRO1-00la 0-0.5 Crust N Atlantic 10°35 00"N  42°42' 00"W 3512 —0.23 0.08 —0.09 0.07 18954 —11.60 5.0
CH78 (—=0.07)
Atlantis D10-7 0-0.5 Crust Central N 23°38' 00'N  44°29' 00"W 2432 —0.07 0.06 0.04 013 - - -
11 96 Atlantic (=0.02)
ROM96 S16 01-13  0-0.5 Crust Eq. 0°48 20"S 20°35 45"W 3200 —0.33 0.08 —0.09 0.13 18954 —11.74 5.5
Atlantic (=0.11) [38]
ROM96 G9646-63  0-0.5 Crust Eq. 1°12'30"S 28°31'30"W 3350 —0.54 0.05 —0.15 0.09 18750 —9.5 14
Atlantic (—=0.17) [38]
ROMO96 G9632—-47  0-0.5 Crust Eq. 0°48' 56"S 21°01" 18"W 4710  —0.43 0.11 —0.15 0.07 18929 —10.40 0.6
Atlantic (—0.14) [38]
SO-84 DS43 0-2 Crust SE 15°9.0'S 8°21.0 W 1990- —-0.27 0.11 —0.18 0.09 19.092 —12.39 1.6
Atlantic 1966 (—0.09) [36]
SO-84 DS43 Same —0.28 0.08 —0.01 0.20
powder (—0.09)
SO-84 DS43 0-0.5 —-031 0.16 —0.15 0.13
(second (—0.10)
sample)

(continued on next page)
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Table 1 (continued)

Cruise or Sample Section Type Location  Latitude Longitude Water &°’Fe 20 & Fe* 20 2°Pb/ &Nd Growth
supplier (mm) depth %o %o 204pp rate
(m) (mny/Myr)
Endeavor 32D 0-1 Crust SW 32°11.5'S 32°43.0 W 3310 —0.95 0.06 —039 0.06 18773 —9.85 —
EN 063 Atlantic (=031
Endeavor 27D 0.1 Crust SW 32°52.0'S 32°13,0 W 3610 —0.41 0.06 —0.11 0.19 18750 —-9.5 —
EN 063 Atlantic (—0.13)
Circé D140-3 0-0.5 Crust S Atlantic 26°03' 36"S  5°42' 48"E 1800 —0.90 0.08 —0.26 0.18 18.901 —10.00 -
(first (—0.29)
sample)
Circé D140-3 0-0.5 —0.97 0.09 —033 0.13
(second (=031
sample)
Circé D219-7 0-0.5 Crust SE 7°26' 24" S 1°200 52" W 4294  —0.15 0.05 —0.12 0.15 19.020 —11.90 -
(first Atlantic (—0.05)
sample)
Circé D219-7 0-0.5 —0.13 0.14 —0.04 0.12
(second (—0.05)
sample)
Circé 219D 0-0.5 Crust SE 7°26 24"S 1°20" 48" W 4410  —0.14 0.05 —0.11 0.14 19.020 —11.90 -
Atlantic (—0.05)
Dodo 232D 0-0.5 Crust Indian 5°23.0'S 97°29.0 E 4121  —0.86 0.05 —0.27 0.10 18919 —7.35 43
(—0.28)
HEMS 96626 0-0.5 Thin Indian 1°26.0' S 66°34.0 E 3385  —0.69 0.08 —021 0.11 18758 —7.8 —
Mabhabiss E(6) crust (—0.22)
Antipode 145D-B1 0-0.5 Crust Indian 7°20/ 00" S 57°56' 18"E 2421 —0.90 0.08 —034 0.11 — - -
(—0.29)
Antipode 109D-C 0-0.5 Crust Indian 27°58 24”S  60°47 42"E 5438 —0.52 0.10 —0.19 0.10 - - 29
(—=0.17) [39]
Antipode 77D-C 0-0.5 Crust Indian 18°20/ 30"S  63°3%8 24"E 3447  —0.35 0.10 —0.11 0.10 — - -
(—=0.11)
ERDC 019D 0-0.5 Crust Indian 8°37 00"N 96°15 00"E 449 —1.08 0.10 —0.34 0.06 -
(—0.35)
TBD 463 6854-6 0-0.5 Nodule Southern ~ 37°46/ 30"S  16°55 06"E 4517  —0.68 0.08 —0.17 0.11 18.855 —9.01 3.9
bottom Ocean (—0.22) [40]
TBD 463 6854—6 0-0.5 —0.63 0.07 —023 0.05
bottom (—0.20)
TBD 463 6854—6 0-0.5 —0.66 0.05 —0.30 0.05
top (—0.21)
DR153 0-0.5 Crust Southern ~ 64°57' 30"S  91°16' 24" W 3225 —1.03 0.01 —026 0.03 18.759 —7.90 0.7
Ocean (—0.33) [40]
DR153 —0.99 0.05 —0.32 0.07 -

(—0.32)
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F7 87-SC D9-16 0-0.5 Crust NE 32°15' 34.8"N 121°16 21.6"W 2267 —1.06 0.01 —029 0.10 18.845 —2.65 -
Pacific (—0.34)
F10-89-CP Dl11-16 0-0.5 Crust Pacific 11°38 54"N  161°40'30"W 1780 —0.42 0.06 —0.19 0.11 - - -
(—0.14)
Challenger M317 0-0.5 Crust N Central 38°09.0 N 156°25.00 W 5715 —0.63 0.09 —021 0.01 18.662 —3.58 -
St. 253 Pacific (—0.20)
Challenger M353 0-0.5 Crust S Central  22°21'00"S ~ 150°17' 00"W 4362 —0.15 0.08 —0.03 0.10 — — —
St. 281 Pacific (—0.05)
CS-06-A DRO4 0-0.5 Hard Pacific 21°00'28"S  152°51"23"E 4080 —1.11 0.06 —0.41 0.10 18.680 —1.10 —
ground (—0.36)
PLDS II St. 39 D4 0-0.5 Crust Pacific 00°24' 48"N  86°05' 36"W 3000 —0.97 0.10 —0.37 0.05 - - -
(—=031)
FDR75-3 D10-144 0-0.5 Crust Pacific 17°09' 00"S  75°15' 42"W 4218 —0.82 0.06 —0.28 0.04 - - -
(—0.26)
F7-86-HW CD29-2 0-0.5 Crust Central 16°42' 24N 168°14' 12"W 2180 —0.61 0.13 —0.14 0.08 18.658 —3.70 2.1
Eq. Pacific (—0.20) [8]
S6-79-NP D4-13A 0-0.5 Crust NE Pacific 53°32' 36"N  144°22'24"W 2100 —1.19 0.09 —0.39 0.11 18837 —2.02 1.7
(—0.38) [41]
GMAT 14D 30 min Crust NE Pacific 13°59' 00"N  96°08" 00" W 1900 —0.83 0.05 —0.31 0.02
HCl 6 N (—0.27)
GMAT 14D 1 h 30 min —0.79 0.08 —0.25 0.17
HCI 6 N (—0.25)
GMAT 14D 3 h 30 min —0.78 0.12 —0.19 0.11
HCl 6 N (—0.25)
GMAT 14D Overnight —0.81 0.04 —0.27 0.11
HCl 6 N (—0.26)
GMAT 14D Overnight —0.80 0.06 —0.18 0.06
HCl 6 N (—0.26)
(same
powder)
GMAT 14D Total —0.79 0.06 —0.35 0.20
dissolution (—0.25)
GMAT 14D Mean —0.80 0.04 —0.26 0.13 18.703 —24 103
(—0.26) [8]
Pleiade II Ds-1A 0-0.5 Hydrothermal Galapagos 0°36' N 86°08.82' W 3822 —1.69 0.02 —0.64 0.15 18.849 - -
deposit ridge (—0.54)
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8" Fe=[("Fe/**Fe)sample/CFe/>*Fe)sandard — 11X 1000 (%o ), 8°"Fe*=[("Fe/* Fe)sample/C Fe/*Fe)standara — 11X 1000 (%o ). Parameters of the fractionation line between &°’Fe and
8°"Fe* using weighted least-square method are (with 95% confidence bounds): p; =3.34 (3.06, 3.63) and p,=— 0.05 (— 0.11, 0.02), where 8°’Fe=p, x 6°’Fe*+ p,. The number in
brackets in the 5>’ Fe* column is the expected value for 6°'Fe*, assuming that 5>’ Fe is known. All the growth rates are determined from '’Be/’Be except from the one from [39] which
was dated by U/Th. The growth rates without references are unpublished data. Pd and Nd data come from [3].
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Fig. 1. Map of ferromanganese crust sample locations and the 9°"Fe [ %o ; (O)] values of a surface scrapings from each crust.

that the content of detrital material is usually (a) quite
low (a few percent) and (b) essentially free of Fe-
bearing minerals (it mainly consists of quartz, plagio-
clase, calcite, etc.). This means that the influence of
detrital Fe would be negligible even if it were com-
pletely extracted from the silicate minerals by the 6 N
HCI leach, which is unlikely.

To test whether sample heterogeneity or, more
specifically, short-term changes in isotopic composi-
tion were an issue, we also sampled several crusts and
the nodule in the different places on their surfaces (see
samples DS43, D140-3, D219-7 and 6854-6 in Table
1). The different subsamples gave identical results
showing that the sampling size was large enough to be
representative and that the crusts have been homoge-
nous over the time represented by the samples
(~ 50-250 kyr).

All Fe isotopic measurements were performed on
a NuPlasma MC-ICPMS at the ETH Ziirich, using a
standard bracketing technique. Both the sample and
the standard were in 0.05 N HCI solutions at con-
centrations between 6 and 8 ppm. The intensities of
the beams generated by the standard and the samples
were matched to within 15%. This permitted cancel-

lation of any bias induced by residual argide molec-
ular interferences [9]. The four isotopes, 54, 56, 57
and 58, of iron were measured and the contributions
of Cr and Ni were monitored using masses 53 and
60, respectively. These are negligible for our samples
after chemical purification. Each analysis consisted
of 20 measurements of two 5-s cycles, totaling
approximately 10 min including the background
measurement time, wash out and sample transfer
time. The two cycles are required in order to use a
Faraday cup at the low mass end of the array (L5)
fitted with a 10'°Q resistor. This permits the mea-
surement of *°Fe with a signal of up to 10~ °A for
improved signal/background ratio without sacrificing
other instrument applications.

All the Fe isotope data are reported relative to the
iron isotopic standard IRMM-14 (Standard from the
Institute for Reference Materials and Measurements,
European Commission). The observed variations are
expressed in & units (%o ).

4 4
557Fe = [(57Fe/5 Fe)sample/(57Fe/5 Fe)IRMM714 - 1]

% 1000( %o )
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and

557Fe* = [(57Fe/56Fe)sample/(57Fe/56Fe)IRMM—14) - 1]
x 1000( %o )

5>’Fe* is only used to control the parameters of the
fractionation line. We used 6°'Fe* because we did our
measurements in two cycles; *°Fe being measured
only together with °’Fe. The fit of the fractionation
line achieved using a weighted least-square method to
take into account the uncertainties on the measure-
ments gives the following parameters (with 95%
confidence bounds) for 8°’Fe=a x §°'Fe* + b, where
a=3.36 (3.06, 3.63) and b=—10.05 (—0.11, 0.02).
These are in good agreement with the expected line
6°'Fe=3.11 x §”'Fe*.

It should be noted that the normalization to IRMM-
14 used here is shifted from the one based on the
igneous Fe baseline adopted by some authors [10].
The 6°'Fe value of IRMM-14 relative to the igneous
Fe baseline=—0.11 + 0.14 %o (20) [7]. This means
that 557F€1RMM14=557F610NEOUS+0-11~ The long-
term reproducibility of our internal laboratory stan-
dard (a solution formed from a dissolved hematite
mineral) is 8°'Fe 0.86 £ 0.13%0 (20, n=129) over
the period of measurement of the samples presented
here.

3. Results

All the iron isotope data discussed below will be
expressed in & "Ferrmmia; data expressed in 5°°Fe
normalized to “bulk earth Fe baseline” have been
corrected for interlaboratory bias using a &°°Fe
value of —0.09 %o relative to the “bulk earth Fe
baseline” as proposed in [10] and then converted to
5°'Fe. The observed spread in the data is rather
large compared to the variations observed in other
natural samples [7]: the analyses of a large variety
of continental sedimentary rocks showed only
slightly more variability than the observed in the
volcanic and plutonic rocks (0.11 £0.15%0 from
[10]). In contrast, the variability of Fe isotope
compositions we observed in hydrogenous crust
surfaces (recent growth) is between — 1.2 and
—0.1%o . This is a slightly smaller range than that

determined for another set of ferromanganese crust
samples [5], which ranges from +0.7 to — 1.4 %o .
The composition is independent of the growth rate
(Fig. 2).

In contrast to the global ocean distribution ob-
served for Pb and Nd isotopes, there is no clear trend
between the oceans for Fe isotopes [3] (Fig. 3). The
samples from the Atlantic Ocean have a mean of
—0.41+027%0 (lo) whereas the other oceans
have lower mean values of —0.74 £0.54%0 (lo;
for the Indian Ocean), — 0.83 + 0.25 %0 (10, for the
Southern Ocean) and — 0.88 + 0.27 %0 (lo; for the
Pacific Ocean). The Southern and Indian Oceans
have a more restricted range than the Atlantic and
the Pacific, but this is probably due to more limited
sampling, especially for the Southern Ocean which is
represented by only two samples. The standard
deviations of the mean for the Atlantic and Pacific
Ocean samples are nearly equal and the data largely
overlap. It is difficult to conclude if the bias of the
Atlantic samples toward heavier values and of the
Pacific samples toward somewhat lighter values is a
real difference or just an artefact of number and
density of sampling. Most of the samples at the
ocean margins have very light compositions and a
larger fraction of the Pacific Ocean samples are from
oceanic margins. A comparison of the Fe isotope

o
_0_4}
}#

w }

A

“_o0s} } }
1.0} }
12} }
49 2 4 6 8 10

Growth Rate (mm/My)

Fig. 2. 6°'Fe [%o ; (®)] as a function of the growth rate in
hydrogenous crusts. The error bars are 0.13 %0 (20).



98 S. Levasseur et al. / Earth and Planetary Science Letters 224 (2004) 91-105

o)
1

Atlantic Ocean

4
0
-1.2 -1.0 -0.8
8 -

Pacific Ocean
-q.2 -1.0 -0.8
8r .

Indian Ocean

Number of Occurences

0
-1.2 -1.0 -0.8
8

Southern Ocean

-0.6 -04 -0.2

o

|

-0.6 -04 -0.2 0

_—_n-_n_—_n_—_n_n—:

-0.6 -04 -0.2 0

6 -04 -0.2
8°"Fe (%o)

ok

Fig. 3. Histogram showing the distribution of 3°’Fe compositions for all samples for each ocean.

compositions with the Pb and Nd isotope composi-
tions (Fig. 4) available from the same crusts shows
no obvious correlation with either of these tracers.
Furthermore, no correlation with Fe/Mn ratio or
other elemental or mineralogical parameters in the
crusts, water depth or proximity to midoceanic ridges
is visible.

4. Discussion
4.1. Source effects

4.1.1. Continental sources

Zhu et al. [4] found a correlation between Fe and
Pb isotopic compositions in a 6 Myr time series in
North Atlantic crust BM1969.05 [Fig. 5¢, (O)]. They
concluded that Fe isotope variations in seawater were
correlated with other better-understood parameters
such as Pb isotopes which reflect the weathering of
continental sources [3].

The correlation between Fe and Pb isotopes in
BM1969.05 is predominantly defined by the most
recent data point of the time series. We have rean-

alysed a different slab of this crust and found the
surface data point previously measured at +0.2 %o

in 5°’Fe to instead yield a value of —0.75%0 . To
check that we had really analysed the same time
slice as Zhu et al. [4], we also measured the Pb
isotope composition and found a composition of
19.21 in 2°°Pb/***Pb, which is comparable to that
previously reported. The high gradient of Pb isotope
change in the upper part of the crust unambiguously
shows that the sections and the depth of the sub-
sample measured by us and by Zhu et al. [4] are
essentially identical. We then measured older parts of
the crust (0.5 to 0.8 mm depth and 0.8 to 1.6 mm)
and again found values that are lower than those
reported previously: —0.58 and —0.78 %0 . We do
not have a clear explanation for this discrepancy.
One possibility is that different portions of the
surface of the crust yield different Fe isotopic com-
positions, although this is not supported by our other
analyses of different samples from the same crusts
(e.g., D140-3 or D219-7). There is also not a
systematic interlaboratory discrepancy between the
measurements: the differences are variable and we
find the same composition as reported by Zhu et al.
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18.5 19.0

Pb /2%pp

19.5
206

Fig. 4. °"Fe as a function of (a) eNd and (b) 2°°Pb/?**Pb in hydrogenous crusts. The error bars are 2¢ (three to eight measurements). The error
bar in the upper right-hand corners of the panels is the 2¢ long-term reproducibility on 6°'Fe. Dots = Atlantic Ocean; squares =Southern Ocean;

black squares =Indian Ocean; circles = Pacific Ocean.

([4], supplementary material) for the iron meteorite
Tazewell (0.22%0 vs. 0.20%0 for Zhu et al.). One
thing that could be significant is that we do not
observe an evolution of the isotopic composition of
Fe over months when stored in dilute HCI (0.05 N)
as reported by [11]. We have reanalysed samples up
to 6-months interval without seeing significant differ-
ences. We have also reprocessed a fraction of some
samples after 11 months of storage in dilute HCI
through new column chemistry (without any oxida-
tion step), and no fractionation was observable.

If one uses the new data presented here the
correlation between Pb and Fe isotopes breaks down
(Fig. 4c). Therefore, the main line of evidence that the
Fe isotope composition in BM1969.05 is related to
variations in terrigenous inputs cannot be reproduced
with the data we have obtained.

The absence of a correlation between Pb or Nd
and Fe isotopes in the ferromanganese crust surfaces
representing the present-day oceans (Fig. 3), as well
as the remarkable homogeneity of Fe isotopes in
igneous and sedimentary rocks [7,12], are additional
evidence against a causal relationship between the
variations of Fe isotope compositions in ferroman-
ganese crusts and the putative variations in source
rocks and/or weathering processes on the surround-
ing continents.

4.1.2. Mixing between continental and hydrothermal

sources

If the variation in the Fe isotope composition of
ferromanganese crust surfaces does not reflect var-
iability in terrigenous inputs, the question arises as
to what other processes or inputs could be respon-
sible. Sharma et al. [13] have suggested that such
variation could be due to variations in the propor-
tions of Fe derived from the hydrothermal inputs at
midoceanic ridges (MORs) and of Fe coming from
the continents. This was based on the observation
that fluids emanating from hydrothermal vents at
the Juan de Fuca Ridge are lighter than the terres-
trial baseline (— 0.2 to —0.9 %o &°'Fe, renormal-
ized to IRMM-14 from the Canyon Diablo
meteorite normalization used in [13]). Sharma et
al. [13] proposed that light Fe emerging from the
ridge vents would experience further isotope frac-
tionation during processes of Fe removal because
laboratory studies [14] demonstrated that precipita-
tion of ferrihydrite from dissolved Fe? " is accom-
panied by a fractionation of 1%o , favouring heavy
Fe in the precipitate. This would lead to increas-
ingly negative 6°'Fe in seawater and in sediments
with increasing distance from ridge axes. The Fe
isotope composition of —1.69 %0 (Table 1) for the
hydrothermal deposit from the Galapagos ridge
(Pleiade II, D5-1A) agrees with the isotopic com-
position suggested by Sharma et al. [13]. However,
the data for hydrogenous crusts show no relation
between Fe isotope composition and distance to
oceanic ridges (Fig. 1).
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Recently, Beard et al. [12] have measured seven
MOR hydrothermal fluids from the Atlantic and
Pacific Oceans, with an improved precision, and
found a 6°'Fe=—10.44+0.18%0 . According to
them, the Fe delivered to the oceans is essentially
controlled by the atmospheric particulate flux and the
MOR hydrothermal flux (respectively 67% and 23%

on average), but because the proportion of the atmo-
spheric flux is variable between ocean basins, they
calculate various Fe isotopic compositions for the
different basins by assuming simple mixing between
the two components. A way to test this model is to
plot the results we obtained for ferromanganese crusts
on the diagram representing the model (Fig. 6) using
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the mixing proportions proposed for the different
basins. It is obvious that the data do not fit the model
and that nearly half of the data cannot fit a simple
mixing line whatever the mixing proportion, as their
composition is lower that of the hydrothermal com-
ponent. There could be different reasons for this
discrepancy:

(1) There is a fractionation process during the
incorporation of Fe from seawater into the
ferromanganese crusts. Such an effect has already
been observed for TI isotopes [15].

(2) The model is not correct and the composition of
Fe in seawater is not controlled by the mixture of
the atmospheric particulate component and the
MOR hydrothermal component.

(3) Hypotheses (1) and (2) both apply.

Although (1) probably contributes to the observed
Fe isotope distribution (see below), it is highly
probable that (2) applies and that the model is
incorrect. In their calculations, Beard et al. [12] used
a flux of hydrothermal Fe equal to 10" g/year. This is

at the high end of the range (1.3—11 x 10'?g/year)
determined by the reference they used [16], which is
also similar to a more recent estimate (1.7—5 x 10'%g/
year) [17]. If the flux were at the lower end of the
range, the proportion of Fe coming from the hydro-
thermal component would be reduced to 3% or 4%
instead of 23%. The main problem of this model,
however, is not the uncertainty over the initial mag-
nitude of the hydrothermal flux. It is the fact that it
ignores the vast loss of such hydrothermal Fe in and
around vents. The reduced Fe precipitates very rap-
idly in the form of sulfides and hydroxides. Although
the oxidation rate of hydrothermal Fe(II) seems to be
variable as a consequence of the ambient deepwater
conditions, the maximum half-life of Fe(I) is a few
hours and the concerned area is thus limited to a few
kilometers from the vent sites [18]. Thereafter, little
of the original Fe remains in solution in seawater [17].
More than 90% of hydrothermal Fe is lost in this
manner and is not contributed to the budget of
dissolved Fe that enters the ocean. Therefore, a
conservative estimate of the net input of Fe from
hydrothermal sources into deep ocean water would
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be, at the global scale, between 2.9% and 0.4% of the
total Fe to the ocean. This, a very small amount
compared with input from the continents. Traces of
hydrothermal Fe can be found in sediments at larger
distances from ocean ridges, for example, several
hundreds kilometers west of the East Pacific Rise
[19]. However, this is due to transport of the colloidal
lower end of the size fraction of oxyhydroxide iron
particles that form during the oxidation of Fe(Il). It
does not imply a mixture of soluble hydrothermal
Fe(Il) within the ocean. In fact, the presence of
hydrothermal particles at such distances is not the
rule but is dependent on the topography and prevalent
circulation patterns. Unlike the observation for the
Pacific, the plume that forms above the TAG hydro-
thermal vent field stays confined within the axial
valley of the mid-Atlantic Ridge [20].

Of course, the above discussion, as well as the
model of Beard et al. [12], neglects low-temperature
hydrothermal activity at ridge flanks. Whether such
activity provides a source or sink of iron is very
poorly known, to say nothing of the flux. A recent
review of the fluxes at ridge flanks [21] concluded
that Fe fluxes are zero albeit with large uncertainties.

Finally, the samples studied here are hydrogenous.
Thus, the only way to have a hydrothermal component
in the crusts would be to homogenize it with the other
Fe sources in the ocean. As the residence time of Fe in
seawater is very short (70—200 years, e.g., [22]), this
should only be of regional importance although it may
be possible that mixing processes in the deep waters
are somewhat more efficient than surface waters in
redistributing hydrothermal Fe. Therefore, we con-
clude that there is no evidence that hydrothermal
inputs play an important role in the large-scale budgets
and isotopic compositions of Fe in the oceans and that
its importance is probably geographically limited.

4.1.3. Admixing of diagenetic components

It has been argued [17] that in some oceanic
areas, the diagenetic input (remobilisation of Fe
from the bottom sediments) could be a source of
Fe of some importance in bottom waters. In fact,
some manganese nodules are known to form from
this remobilised material, and for this reason, they
are called diagenetic—hydrogenous deposits. How-
ever, for a set of samples from the central Pacific, it
has been established that the substrate rocks, on

which crusts grow, and the associated pore fluids do
not contribute to the composition of hydrogenous
ferromanganese crusts [23]. Thus, the fraction of
diagenetic material in surface layers of hydrogenous
crusts is negligible.

4.2. Internal processes in ocean basins

If the isotopic variations do not reflect source
variations or mixing of sources, the possibility needs
to be considered that the Fe isotopic variations are
caused by fractionation at some point between the
introduction of Fe into the ocean and the incorpora-
tion into the crusts.

The main particulate sources that contribute Fe to
the oceans are rivers and eolian dust. The largest source
of particulate Fe are rivers but most of the particulates
are deposited near shore and do not contribute to the
open ocean budget. The second source is wet and dry
deposition of continental aerosols [17].

In rivers, most of the dissolved Fe is present as
small colloidal particles. During estuarine mixing,
these colloids flocculate, and in most cases, do not
escape the estuary. Therefore, they do not contribute
notably to the Fe input to the ocean, although they
could be locally important [24].

The main source of dissolved Fe seems to be the
reductive remobilisation of Fe in marine sediments,
although this still needs to be quantified [17]. Coastal
sediments can give rise to huge Fe fluxes when they
turn anoxic after the spring bloom has settled to the
seafloor [25], and this could certainly induce an isoto-
pic fractionation of Fe. The reducing process and the
dissolution followed by partial readsorption and pre-
cipitation on suspended particles of the newly dissolved
Fe are all processes that might potentially fractionate
the remaining Fe, which stays longer in solution,
toward lighter values. This remobilised Fe could have
a regional influence once mixed in the water masses.

The second largest source is the reductive dissolu-
tion of eolian particles during wet deposition [17].
The total eolian input is estimated to be about 70% via
dry and about 30% via wet deposition. Subsequent
dissolution in seawater seems to be negligible for dry
deposition [26] whereas ~ 14% of Fe in wet deposi-
tion is dissolved in rainwater. This dissolution step
could already be a source of fractionation as suggested
by [12]. A large part of these, 14% is reprecipitated in
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the surface ocean so that Fe solubility through this
process is probably less than 2% [26]. The bulk eolian
input of Fe to the ocean should have an iron isotope
composition similar to that of continental rocks.
However, only a small fraction of it will finally be
dissolved in seawater, 90—99% of which will be in the
upper water column as Fe(IIl), complexed with strong
Fe-binding organic ligands [27].

This step of dissolution and complexation by
organic ligands can very probably be a source of
isotopic fractionation toward lighter values. Brantley
et al. [28] showed that siderophores produced by
bacterial dissolution of silicate soil minerals are as
much as 0.8 %o lighter than bulk Fe in the original
mineral. Although the nature of the Fe(Ill)-binding
ligands in seawater is not well established, it has been
shown that their binding strength is very similar to
those of siderophores produced by marine bacteria
[29] and that they possess functional group character-
istics of siderophores [30]. If we assume that these
ligands are siderophores and we extrapolate the result
obtained by Brantley et al. [28] to seawater, then the
dissolution of Fe from eolian dust by means of
organic ligands could be an important source of
fractionation toward lighter values. Even if these
organic molecules were not siderophores, but, for
example, products of the decomposition of planktonic
microorganisms, it would not change the conclusion
that the fractionation appears to be related to the
binding strength of the ligand [28]. This is consistent
with the behaviour found for Zn isotopes in surface
seawater [31] where the lighter isotopes are preferen-
tially used by biological activity. Following the case
of the Zn, it is possible that remineralisation plays a
role in the isotopic variability [31] of Fe observed in
the ferromanganese crusts; however, data are lacking
to ascertain this.

These different mobilisation processes of Fe in
different oceanic areas could possibly explain why
ocean margin samples, where the anoxic dissolution
from sediments is certainly a dominant process, tend to
show a distinct composition compared to other regions.

This does not preclude the possibility of other
fractionation processes in the course of cycling of
Fe through the ocean, especially during the incor-
poration of Fe into the ferromanganese crust per se.
This has already been observed for the isotopes of
other heavy elements like TI [15], where a 2 %o

enrichment in the heavy isotope occurs between
seawater and ferromanganese particles during ad-
sorption; or like Mo [32], where a similar 2 %o
enrichment takes place, but this time, in favour of
the incorporation of the light isotopes. Surface
adsorption and ion exchange processes produce
isotopic fractionation for Fe in experimental systems
[33] so this hypothesis is quite plausible. If this is
the case, it should be expected that the dissolved Fe
in the surrounding seawater is shifted compared to
what we observed in the crust.

Mineralogically, ferromanganese crusts consist of
manganese oxides (6-MnO,,), amorphous Fe oxy-
hydroxides (FeOOH) and minor detrital minerals.
Leaching experiments have shown that between
30% and 50% of the total Fe is present as FeOOH
intergrown with the Mn oxide in the vernadite 10% to
30% [34]; most of the remainder being discrete
FeOOH. Temperature effects can be ruled out as a
source of variable fractionations from one crust to
another due to the small temperature range of deep
seawater. However, it is possible that some fraction-
ation could be induced by the variable amount of
FeOOH intergrown with Mn oxide and redox reac-
tions at crust surfaces. If there is such a process, the
seawater pool could be expected to be more homoge-
neous than what is observed in the crusts. Of course,
this does not preclude the possibility of regional
heterogeneity reflecting the short residence time and
the varying degrees of fractionation associated with
inputs to a given region.

5. Conclusions

New measurements of Fe isotopic compositions in
hydrogenous crusts distributed throughout the world
oceans confirm that although there is a large range in
composition, this range has a similar average for each
main ocean basin, and no significant basin-to-basin
trend is discernable.

Our data do not substantiate evidence that purports
to show that Fe isotope compositions that are coupled
with Pb or Nd isotope compositions. Indeed, the data
presented here provide evidence that isotopic compo-
sition of Fe is not driven by variations in continental
source composition. Furthermore, the minor amount
of Fe coming from hydrothermal sources as well as
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the very small amount of hydrothermal Fe incorpo-
rated in hydrogenous crusts seems to preclude the
possibility that variable mixtures of hydrothermal and
continental Fe result in large-scale variations in Fe
isotopic composition. Further constraints are needed
in order to establish exactly what are the most likely
explanations for the fractionations that take place
during geochemical and biogeochemical reactions
within the ocean. All of these could play a role in
establishing the isotopic composition that we find in
ferromanganese crusts. To determine which of these
processes is preponderant or at least relevant to the
isotope fractionation observed in hydrogenous ferro-
manganese crusts requires additional studies.
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